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Abstract. A three-dimensional Chemical Tracer Model is used to simulate the
distribution of water vapor in the upper troposphere (UT) and lower stratosphere
(LS). The simulations include only the large scale advection of water vapor and
the restriction that the air be at or below saturation at all times. This simulation
is used to help distinguish among those processes that control water vapor in the
UT/LS. The exchange of water vapor across the tropopause is analyzed in detail.
The simulation qualitatively reproduces the water vapor distribution given by
satellite and radiosonde observations on both sides of the tropopause, confirming
the importance of the global temperature distribution and advection in controlling
the water vapor distribution. Quantitative differences with observations of water
vapor are ascribed to input temperature biases. Water vapor enters the stratosphere
at all longitudes in the tropics. Details of subgrid-scale dynamic and convective
processes are not necessary to explain the entry of water vapor into the stratosphere,
but these are found to be important for controlling the water vapor distribution in

the upper troposphere.

1. Introduction

Water vapor in the upper troposphere and lower
stratosphere is an important radiatively active trace
species. As a greenhouse gas, water vapor is impor-
tant for determining the radiative balance of the upper
troposphere, particularly in the tropics. This has im-
plications for local diabatic heating and for feedbacks
to climate radiative forcing [Sun, 1993; Inamdar and
Ramanathan, 1998]. Because water vapor is a nearly
conserved trace species in the stratosphere, with few
significant sources and sinks, it is also important as a
tracer for stratospheric transport.

As postulated by Brewer [1949] and recently reviewed
by Holton et al. [1995] the water vapor distribution in
the stratosphere is controlled by cold temperatures at
the tropical tropopause. Air reaches saturation with
respect to ice at the tropical tropopause and hence is
“freeze-dried” as it crosses into the stratosphere. The
motion of air across the tropical tropopause is affect-
ed by a variety of processes. These processes include

INow at National Center for Atmospheric Research, Boul-
der, Colorado.
Copyright 2000 by the American Geophysical Union.

Paper number 1999JD901133.
0148-0227/00/1999JD901133$09.00

the large-scale residual circulation in the stratosphere
[Rosenlof , 1995] which cools air adiabatically and can
cause it to reach saturation; overshooting convective
turrets which penetrate the tropopause and either de-
hydrate [Danielsen, 1993] or rehydrate the air as con-
densed vapor evaporates [ Vimel et al., 1995]; subvisible
cirrus clouds which may heat the tropopause through
absorption of radiation [Rosenfield et al., 1998), result-
ing in warmer temperatures and higher water vapor;
and kelvin and gravity waves forced from the tropo-
sphere which may mix air into the stratosphere [Pfister
et al., 1993] or modify the local temperature structure,
cooling air to the point of saturation and dehydration
[Potter and Holton, 1995]. As noted by Holton et al.
[1995], the relative importance of these processes for
stratosphere-troposphere exchange in the tropics and
the effects of each of these processes on water vapor in
this region are still uncertain.

This uncertainty stems from the lack of sufficient obs-
ervations in these regions. Observations of water va-
por in the upper tropical troposphere and lower strato-
sphere have been increasing in recent years, but cover-
age is far from accurate or complete. The major sources
of data are radiosondes (balloons), satellites, and air-
craft. Radiosonde moisture measurements are often
unreliable in the extreme dryness of the upper trop-
osphere and lower stratosphere [Gaffen, 1999]. Satel-
lite data are of better quality, but coarse horizontal
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and especially vertical resolution, often sampling lay-
ers 1-3 km thick. Satellite data include observations
from the Stratospheric Aerosol and Gas Experiment
IT (SAGE II) [Pan et al., 1997], the Microwave Limb
Sounder (MLS) [Read et al., 1995; Newell et al., 1996] on
the Upper Atmosphere Research Satellite (UARS), and
the Halogen Occultation Experiment (HALOE) [Rus-
sell et al., 1993] also on UARS. Observations of high
quality and spatial resolution are also available from in
situ aircraft [Boering et al., 1995; Hintsa et al., 1998]
and research balloons [Ray et al., 1999], but these plat-
forms provide limited spatial and temporal sampling.

In this study, we will simulate the water vapor distri-
bution in the lower stratosphere and upper troposphere
using a transport model with a parameterized hydrolog-
ic cycle. We will focus on the importance of thermody-
namic processes and the global wind field. Convective
turrets and small scale waves (such as gravity waves on
horizontal length scales smaller than hundreds of kilo-
meters) will not be included in the simulations. The sig-
nificance of convection and gravity waves can be judged
indirectly by their absence from the simulations. Good
correspondence between simulations without these pro-
cesses and observations will indicate that large-scale
transport is more important, while systematic devia-
tions between the simulations and observations indicate
the importance of other processes which are not repre-
sented. It is possible that small-scale processes (such
as convection and wave activity) may affect the water
vapor concentration in opposite ways and even act to
cancel each other, which would still indicate that these
processes have no net impact on the water vapor distri-
bution. The approach attempts to build upon the wa-
ter vapor modeling work of Mote et al. [1994] and Mote
[1995] which used a general circulation model (GCM)
that included feedbacks and parameterized convection.
Here we seek an approach which limits the number of
simulated processes to better determine their relative
importance.

The focus is on three regions. The first region is the
lower stratosphere between the 380 K and 500 K po-
tential temperature surfaces (isentropes). This region
is approximately from the highest isentrope that does
not lie in the tropical troposphere [Holton et al., 1995;
Hoskins, 1991] to the lower boundary of the “tropical
pipe” region [Plumb, 1996]. The region above the 380 K
surface is also known as the “stratospheric overworld”
[Holton et al., 1995]. The second region is the “extrat-
ropical lowermost stratosphere” [Holton et al., 1995] al-
so known as the stratospheric “middleworld” [Hoskins,
1991}, which lies between the extratropical tropopause
and the isentrope whose level is approximately equal
to the tropical tropopause (380 K). The third region
is the upper tropical troposphere. Transport between
the stratospheric overworld and the troposphere occurs
only across an isentrope (diabatic motion), while tran-
sport between the lowermost stratosphere and the trop-
osphere may occur along an isentrope (quasi-isentropic
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motion). For a complete review see Holton et al. [1995].

The transport model and simulation parameters are
described in section 2. Details of the temperature dis-
tribution are given in section 3. The simulated distri-
butions of water vapor in the stratospheric overworld
(above 380 K), in the middleworld, and in the up-
per tropical troposphere are detailed in section 4. De-
tailed comparisons with observations are presented in
section 5. The stratosphere-troposphere exchange of
water vapor is discussed in section 6. Discussion and
conclusions are contained in section 7.

2. Description of Model and
Constraints

The three-dimensional Chemical Transport Model
(CTM) of the Laboratory for Atmospheres at the God-
dard Space Flight Center (GSFC) is used for this anal-
ysis. The model accurately simulates the detailed dis-
tribution of chemical tracers including ozone [Douglass
et al., 1996] and carbon dioxide [Strahan et al., 1998].
The CTM is fully described by Douglass et al. [1996],
but key parameters are repeated here. The three-
dimensional flux form semi-Lagrangian transport code
[Lin and Rood, 1996] uses 46 level winds from the God-
dard Earth Observing System (GEOS) Assimilation
System [Schubert et al., 1993]. The transport scheme is
specifically designed for avoiding negative tracer values
and for conserving mass. Model resolution is 2° latitude
by 2.5° longitude with 46 hybrid sigma-pressure levels
in the vertical from the surface to 0.1 hPa. The inter-
face between sigma and pressure occurs at ~400 hPa, so
that the region discussed in this work is all in pressure
coordinates. The model pressure levels are ~20 hPa
(1 km) apart near the tropical tropopause. The model
is run in an off-line mode, so the tracer concentrations
do not feedback to affect the winds and temperatures.
Input winds and temperatures are interpolated to a 15
min (900 s) time step from 6 hourly assimilation data.
Explicit convective transport is not included. Vertical
motion is calculated from the divergence of the hori-
zontal wind. Douglass et al. [1996] note two benefits
of using an offline transport model over a full GCM
with chemistry and feedbacks; the ability to have tem-
peratures more representative of the actual stratosphere
than those in most GCMs and to appropriately simulate
individual synoptic-scale perturbations for comparison
to observations. Both of these benefits are critical to
the simulations described in this work and distinguish
this analysis from the GCM study of Mote et al. [1994].
For comparison of the simulation with observations, a
variety of assimilated and observed data sets are used.
These data sets are discussed more fully as each is in-
troduced; they range from global assimilation systems
to individual radiosonde stations.

Several simulations of water vapor were performed.
The results here are mostly drawn from an experiment
designed to crudely represent the hydrologic cycle. A
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tracer was initialized with a source of 5% of atmospher-
ic concentration (50,000 parts per million by volume
(ppmv)) at the surface. In the lower troposphere (from
the surface to 400 hPa), a sink is parameterized by a
7 day e folding lifetime (relaxing to zero). Simulated
tracer in the upper troposphere and above is not sensi-
tive to the concentration at the ground using this pa-
rameterization of water vapor. From 400 to 80 hPa, the
tracer is checked against the saturation vapor mixing ra-
tio (SVMR or hereafter xsa;) of water over ice at each
time step using the algorithm of Marti and Mauers-
berger [1993]. This algorithm was chosen because it is
based on experimental data down to 170 °K, covering
the range of tropical tropopause temperatures common-
ly observed (see section 3). If the tracer concentration
is larger than yxsat, the tracer value is reduced to the
saturation value. This process is analogous to the “de-
hydration” that occurs when water vapor passes from
the vapor phase into either liquid or solid phase and
then precipitates and occurs when the “relative humid-
ity” in the simulation is 100%. In this work, we will
repeatedly use the term “relative humidity”. Relative
humidity or “RH” is defined as:

Xt
RH = —=———-100, 1
Xsat(T>P) ( )

where x; is the model tracer or observed water va-
por mixing ratio and the saturation vapor mixing ratio
(Xsat) 1s a function of the temperature T' and pressure
p according to Marti and Mauersberger [1993].

In another simulation which will be referred to as the
“tropical” or “saturated” simulation, the tracer mixing
ratio was fixed at the SVMR, (xsat) from 157 to 94 hPa
in the region from 10°S to 10°N with the tropospheric
sink described above but with no surface source. This
simulation tests the condition of a fully saturated upper
troposphere and region of entry of air into the strato-
sphere.

The tracer, while referred to as the “water vapor trac-
er,” is not necessarily comparable to the water vapor
mixing ratio in the atmosphere. It will be compara-
ble only if the major processes affecting water vapor
are “dehydration” and transport. In particular, there
is no source of water in the upper stratosphere, as oc-
curs in the atmosphere from the oxidation of methane
[Brasseur and Solomon, 1986]. An accurate simulation
of water vapor in the middle and upper stratosphere
should include this source. The methane concentration
observed in the stratosphere [Randel et al., 1998] falls
from 1.6 ppmv at the tropopause to 0.2 ppmv at 50
km (1 hPa), indicating that 1.4 ppmv of methane is
converted into ~3 ppmv of additional stratospheric wa-
ter. Supersaturation is not permitted in the simula-
tion. Processes that occur in and around clouds, such
as reevaporation of falling liquid or solid H,O, are al-
so not treated. Differences between the simulation and
observations will be discussed in light of these missing
processes where appropriate.
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The model is run for 3 years starting October 1, 1995,
and repeating meteorology from October 1, 1995, to Oc-
tober 1, 1996, each year. The dates were based on the
availability of a full year of continuous and consistent
assimilation data at high vertical resolution. The cli-
mate of this year featured moderate La Nina conditions,
with small cold anomalies in the Eastern Pacific (data
available at http://www.cdc.noaa.gov). The Climate
Prediction Center (CPC) at the National Centers for
Environmental Prediction (NCEP) provides selected in-
dicators of stratospheric climate for the winter season in
each hemisphere (available at http://nic.fb4.noaa.gov).
The CPC reports both Southern Hemisphere (SH) win-
ters (1995 and 1996) featured cold temperatures and
a strong vortex. The Northern Hemisphere (NH) win-
ter of 1995-1996 was remarkably cold until spring with
a strong vortex. These cold temperatures (which ex-
tended into the tropics) might be expected to result in
especially low water vapor concentrations, which should
be reflected in the GEOS analysis and hence in the sim-
ulations. Comparisons will be made with the same time
period, so this should not complicate the analysis.

In the region of the atmosphere being studied (be-
low 500 K), the transport lifetimes are generally 1 year
or less, as shown by Schoberl et al. [1998], so all ma-
jor timescales of variability are captured. There is a
small secular increase in mixing ratios in the strato-
sphere which is evident in the overworld mass burden
for water vapor. The increase is expected given the
transport lifetimes in the stratospheric overworld. Since
this analysis concerns itself with the lower stratosphere
only (below the tropical pipe region at ~500 K), the 3
year duration should be sufficient. Most analyses here
will use only the third year of data from the simulations,
to compare with observations from the period October
1995 to October 1996.

3. Temperature Comparison

The only sink for water vapor outside of the low-
er troposphere in the simulation is a thermodynamic
constraint that the tracer concentration be below the
saturation vapor mixing ratio (xsas) of water over ice.
Since the water vapor concentration in the tropical up-
per troposphere is typically close to Xsat, temperature
is a critical parameter for determining the water vapor
distribution in the lower stratosphere and upper tropo-
sphere. For the simulation to represent the water vapor
distribution correctly, accurate temperatures are a pre-
requisite.

Figure 1 illustrates the temperature distribution from
the GEOS and the European Centre for Medium Range
Weather Forecasts (ECMWF) analyses. Figure 1a illus-
trates zonal monthly mean temperatures for January
1996. The GEOS and ECMWF analyses reproduce
the key temperature features in the upper troposphere
and lower stratosphere, as described by Schubert et al.
[1995]. The minimum of the temperature field in the
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Figure 1. Zonal mean monthly temperature for (a) January 1996 (contour interval 5 °K) and
(b) monthly at 100 hPa (contour interval 2 °K up to 200 °K, 5 °K thereafter, 193 °K also plotted
for clarity). GEOS analyses are solid contours; ECMWF analyses are dotted contours.

tropics (the cold point) is usually at or slightly above
the tropical tropopause, in agreement with radiosonde
observations [Reid, 1998]. However, the GEOS temper-
atures are 3—4 °K warmer than ECMWF temperatures
at the cold point (100 hPa) in January and throughout
much of the year (Figure 1b). The difference increas-
es from virtually identical mean temperatures at the
200 hPa level (Figure 1a). Similar differences at the
tropical tropopause have been found by Schubert et al.
[1995] and Pawson and Fiorino [1999] using GEOS and
ECMWF reanalyses for many years. GEOS analyses
are also 2-3 °K warmer than NCEP analyses at the
tropical tropopause (not shown). Pawson and Fiorino
[1999] note that ECMWF analyses agree more closely
with radiosonde data, and they attribute the warmer
tropical tropopause temperatures in the GEOS assimi-

lation to the strong weighting given satellite radiances
in the GEOS assimilation. ECMWF assimilations give
more weight to the colder radiosonde data.

This temperature difference may have some profound
effects on stratosphere-troposphere exchange of water
vapor in the simulation. For a sample location at 191
°K and 100 hPa, increasing the temperature by 2 °K
will increase xsay by nearly 40% (from 3.9 to 5.5 ppmv).
For temperatures as high as 210 °K, a 2 °K change in
temperature represents a 25% difference in ygas.

Zonal temperature variations in the tropics are im-
portant for discussions of regions where there is pref-
erential upward mass flux, the “stratospheric fountain”
hypothesis of Newell and Gould-Stewart [1981]. There
is a zonal asymmetry in upper tropical tropospheric
temperatures, specifically at 94 hPa, the level of max-



imum simulated dehydration in the NH winter season.
Minimum temperatures generally occur over the Pacific
from 120° to 180°E and from 20°N to 10°S. These tem-
peratures are 2-3 °K colder than those in other regions
in the NH winter. In the NH summer from May to
September temperatur

atures are more zonally symmetric
than in the NH winter. In the NH summer the longi-
tudinal variation of temperature is <1 °K at the cold

point over the tropics. The zonally averaged 100 hPa

tomnoratiiro ic ~4 ° K laweor in Fahrviiarv than Anioriet in
temperature is K lower in February than August, in
rough agreement with analyses by Pawson and Fiorino
[1999].

4. Simulated Water Vapor Distributio

The monthly averaged zonal mean simulated water
vapor tracer reproduces major features of the water va-

por concentration of the lower stratosphere and upper
h‘nnnqnherp as r]m’nr‘rprl in Fi igure 2 for January in the
third year of the sunulatlon, corresponding to .]anuary
1996. There is a minimum in the tracer concentration
JUbb above the LIOplCaA tropopause where cold temper-
atures dehydrate the air. The tracer concentrations are
high in the tropics and lower in the extratropics in the
middle stratosphere. The meridional gradients in the
lowermost stratosphere (below 100 hPa) are very flat,
suggesting rapid horizontal (quasi-isentropic) transport
and mixing across the tropopause. This may be mis-
leading since water vapor is not a conserved quantity
in this region and hence does not act as a tracer for
transport. There is a water vapor sink in the tropical

upper troposphere preventing the formation of sloping

Pressure (hPa)

Monthly Zonal Mean CTM, January

isopleths. There is a sharp jump in the tracer con-
centration in the middie and high latitudes just below
the tropopause (~8 km). The Southern Hemisphere
(summer) middleworld has slightly higher concentra-
tions than the Northern Hemisphere (winter) middle-
world. Except at the frnm(‘al tropopause, the tracer
concentration decreases steadily with altltude from the
surface source.
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maximum does not appear to propagate as readily into
the high latitudes of the Southern Hemisphere, also seen
in analysis of water vapor observations from HALOE by
Rosenlof et al. [1997]. The annual cycle in the high lat-
itudes in the Southern Hemisphere is due to the annual

cycle of temperatures in this region which dehydrate the
nter

air at cold win

temperatures. However, the hlcrh wa-
ter vapor values in austral fall and winter (Apml to July)
are partly due to difficulties in accounting for extreme-
ly low surface pressures at high latitudes. Transport
on a near coincident potential temperature () surface

indicates similar patterns.

4.1. Tropical Tape Recorder

The tropical stratospheric “tape recorder” discussed
by Mote et al. [1996] is also present in the water vapor
simulation. The tape recorder signal is easily seen in the

Altitude (km)
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(=] (=] (=}
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Figure 2. January monthly zonal mean tracer mixing ratio for the third year of simulation, in
units of ppmv. Thick solid line is the monthly mean tropopause for January 1996 calculated using

the 3 PVU (Potential Vorticity Unit) potential vo
surface in the tropics. 1 PVU = 10

—6 K kg—l m2

rticity surface, and 380 K potential temperature
-1
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Zonal Mean Tracer at 94hPa

ppmv

30 60 90

Latitude

Figure 3. Zonal mean tracer mixing ratio at 94 hPa for 3 years, in units of ppmv.

zonal mean water vapor concentration at the equator,
presented in Figure 4. The annual cycle of the water
vapor tracer at 94 hPa seen in Figure 3, which corre-
sponds to the annual variation in cold point tempera-
tures [ Yulaeva et al., 1994], propagates vertically in the
stratosphere. In the simulation the speed of the tape
recorder (vertical transport) is much too rapid. The
propagation time of the signal from 100 to 50hPa is less
than 3 months. The observed tape signal as illustrated
by Mote et al. [1996] with data from MLS or HALOE
(both on UARS) takes of the order of 6 months to tran-
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sit this region. Rapid vertical transport using GEOS
winds has also been noted by Strahan et al. [1998] for
a simulation of CO; in the stratosphere and by Hall
et al. [1999] in an intercomparison of tracer transport
in many stratospheric models.

The seasonality of the source function is approximate-
ly correct. The highest observed water vapor mixing
ratios from UARS instruments at 100 hPa reported by
Randel et al. [1998] of ~4.5-5 ppmv are seen in August
to October, and the lowest observed mixing ratios of
~2.5-3 ppmv) occur in January to April (compare to

)
53

Altitude (km)

Jul Oct Jan  Apr Jul Oct

Time (months)

Figure 4. Zonal mean tracer mixing ratio at the equator in units of ppmv.
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Figure 3). The minimum tracer concentrations occur
above 100 hPa, at approximately the same altitudes as
minima observed from satellite data [Mote et al., 1996].
The amplitude of the tape recorder signal of ~3 ppmv is
similar to that observed with UARS instruments (2-3
ppmv). The maximum amplitude is simulated at ap-
proximately the correct altitude (just above 100 hPa).
The simulated tape recorder appears to well represent
the “recording head” at the tropical cold point, recog-
nizing the warm bias in temperature, while the signal
propagation in the vertical appears too fast. The signal
attenuation is also too rapid compared to observations.
A noticeable signal in water vapor is clearly evident to
at least 30 km, similar to the altitude observed by Mote
et al. [1996]. However, since the signal is attenuated too
fast relative to observations [Mote et al., 1996], there is
more meridional mixing in the stratosphere in the sim-
ulation than in the real atmosphere.

4.2. Water Vapor Mass Burden

The water vapor mass in the Southern Hemisphere,
the Northern Hemisphere, and the tropics is calculat-
ed by converting the tracer mixing ratio into mass for
each grid cell and then dividing the tracer mass into
regions using potential vorticity and potential tempera-
ture surfaces from archived 18 level GEOS assimilation
data. The daily mass of water vapor tracer in the lower
stratospheric overworld (380-500 K), the middleworld
(Tropopause to 380 K), and the tropical troposphere
is illustrated in Figure 5. Note that the data is un-
smoothed and the mass burdens change slowly over the
year in all regions, with small day to day variability.

In the lower stratosphere (Figure 5a) the seasonal
cycles of the tracer burden in the NH and SH extra-
tropics are out of phase, and both hemispheres have
their largest mass of water vapor tracer in the late sum-
mer (February-March in the SH, August in the NH)
and minima in winter (August in the SH, January in
the NH). A linear trend from the continued increase of
tracer in the lower stratosphere is present in the over-
world burden (Figure 5a). The trend is easier to observe
in Figures 3 and 4. By year 3 in the simulation, this
trend is less than a 10% annual increase in the tracer
burden as the stratosphere continues to adjust toward
equilibrium from the initial zero distribution. The an-
nual average reservoir in the NH has 10% more water
vapor than the Southern Hemisphere. A “moister” NH
is consistent with warmer tropical temperatures in NH
summer (see Figure 1b), when the tropical upwelling re-
gion is north of the equator (see Figure 3) and a larger
annual cycle is in high latitudes of the Southern Hemi-
sphere (a result of dehydration in.the SH under cold
temperatures). This interpretation is consistent with
the findings of Rosenlof et al. [1997].

The tropical (|¢| < 20°) reservoir in the stratospheric
overworld (Figure 5a, dotted line) is in approximate
phase with the Northern Hemisphere reservoir. The
mass of water vapor tracer is lowest in NH winter and
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highest in NH late summer (August—September). This
agrees with the cycle of mixing ratios noted in sec-
tion 4.1. The phase of the seasonal cycle in the tropical
stratospheric overworld is not sensitive to the latitude
chosen as the edge of the tropical boundary.

The reservoir of water vapor in the stratospheric mid-
dleworld (also called the extratropical lowermost strato-
sphere), illustrated in Figure 5b, indicates in the annual
average that the NH has 10% more tracer mass than the
SH. This convolves the size of the middleworld with the
concentration. The annual cycle of middleworld mass is
simpler in the SH where the annual mass of the middle-
world does not change much over the year [Appenzeller
et al., 1996]. The SH middleworld mass of tracer is high
in summer (January to March) and low in winter (July
to October). The NH middleworld tracer burden is a
maximum in June and a minimum in February. The
NH middleworld air mass works against this cycle in
tracer mass, being low in July to September and high
in December to March.

The tracer mass in the tropical troposphere (Fig-
ure 5¢) has a distinct annual cycle in each hemisphere
above 400 hPa. The tropical water vapor mass is high-
er in summer than in winter in each hemisphere (see
section 4.5 for further discussion). The NH has a larg- -
er tropospheric mass of water vapor than the SH. The
compensation between the summer and winter hemi-
spheres keeps the total water vapor mass in the tropical
troposphere within +4% of the annual mean through-
out the year. Note that the total mass (due to higher
mixing ratios and pressures) is 3 orders of magnitude
(10%! kg) larger than in any region of the stratosphere
(Figures 5a and 5b).

4.3. Relative Humidity

The distribution of “relative humidity” (see Equa-
tion 1), shows that the maximum humidities away from
the surface source occur around the tropopause and in
the stratospheric winter polar vortex in the Southern
Hemisphere between 20-30 km (Figure 6). Note that
dehydration is still occurring at levels when the zonal
mean humidity is <100% since the zonal mean is an
average. The zonal mean picture is a convenient way to
examine where saturated conditions for the simulated
tracer occur. In the winter polar regions, dehydration
occurs in both hemispheres. Colder temperatures in the
Southern Hemisphere result in dehydration at up to 40
hPa (Figure 6b), while in the Northern Hemisphere, de-
hydration occurs mostly below 100 hPa (Figure 6a).

Air is closer to saturation at 94 hPa in February (NH
winter) than August, consistent with the annual cycle of
tropical temperatures | Yulaeva et al., 1994]. The zonal
mean RH of the tracer at 94 hPa in tropics is typical-
ly 65% in August and 70% in February. The standard
deviation in space (latitude and longitude) of the rela-
tive humidity in the tropics at this level is ~20% at any
time. The relative humidity generally reaches a local
maximum in the extratropics around the altitude of the
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Figure 5. Hemispheric mass budgets for water vapor tracer. (a) Lower stratospheric overworld
between 380 K and 500 K. Here 20°-90°N is represented by a solid line, 20°-90°S by a dashed
line, and 20°S-20°N by a dotted line. (b) Stratospheric middleworld (between 3 PVU tropopause
and 380 K surface). Here 20°-90°N is represented by a solid line and 20°-90°S by a dashed line.
(c) Tropical Troposphere (400 hPa to the tropopause). Here 0°-20°N is represented by a solid

line and 20°S-0° by a dashed line.

tropopause. In this simulation the maximum RH in the
tropics corresponds to the maximum removal of tracer
owing to concentrations higher than the local xsa¢. The
maximum RH (Figure 6) occurs around 180 hPa in the
summer hemisphere, though significant regions of sat-
urated conditions occur up to the cold point at 94 or
79 hPa, especially in February. Air in this simulation
generally reaches saturation at altitudes well below the
cold point (though it may be saturated up to the cold
point), and air entering the stratosphere in the tropics
is not always saturated.

The lower stratosphere and upper troposphere have
very different zonal distributions of relative humidity.

In the tropical lower stratosphere (100-80 hPa) the rel-
ative humidity is zonally symmetric. Relative humidity
of the simulated tracer at 94 hPa is generally between
60 and 80% in all seasons. In the upper troposphere
(220 hPa), RH is zonally asymmetric. RH in Decem-
ber through March ranges from 20% in the Eastern
Pacific (180°-270° longitude) to 60-80% over the Mar-
itime Continent (90°-130° longitude) at 220 hPa. A
similar zonal asymmetry is also clear in August during
the active period of the Asian monsoon. In the upper
troposphere, the pattern is consistent with the tropi-
cal Walker circulation [Bjerknes, 1969] of rising air over
Indonesia and South America bringing moisture from
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Figure 6. Zonal mean tracer “relative humidity” (see Equation 1) in percent for (a) February
15 and (b) August 15. Solid black line is the zonal mean daily 3 PVU tropopause surface.

the lower troposphere and sinking air over the Eastern
Pacific from the upper troposphere/lower stratosphere
where the air has experienced cold temperatures and
been dehydrated and then warmed. See section 4.5 for
more discussion of the upper troposphere.

4.4. Middleworld

The water vapor tracer in the extratropical lower-
most stratosphere (middleworld) has a defined annual
cycle (Figure 7), low in the winter season in both hemi-
spheres and high in the summer season. In the North-
ern Hemisphere, the high-latitude maxima occur 2-3
months after a significant increase in averaged mixing
ratio in the tropics. In the Southern Hemisphere, the
signal is less clear, and a broad high-latitude maximum
is present from January through April. This maximum

is coincident with the appearance of a maximum in the
tropical troposphere south of the Equator. Because of
changing tropopause heights and the changing size and
altitude of the middleworld, it is perhaps more useful to
view the data in isentropic coordinates, following Pan
et al. [1997]. Figure 8 presents the zonal mean mixing
ratio at 50° in both hemispheres on isentropic surfaces
for the third year of the simulation. Only locations in
the stratosphere (as defined by potential vorticity) are
averaged. There is a strong vertical gradient in the
lowermost stratosphere (up to 380-400 K), with a de-
fined annual cycle which is generally confined to the
lowermost stratosphere. The annual cycle has a broad
maximum between June and September below 350 K in
the Northern Hemisphere and a smaller maximum from
January to March at these altitudes in the Southern
Hemisphere.



9012

Oct

Jul

Jan

Oct :
-90 -60 -30

GETTELMAN ET AL.: SIMULATIONS OF UT/LS WATER VAPOR

30 60 90

Latitude

Figure 7. Zonal mean tracer mixing ratio at 220 hPa in units of ppmv for third year of the

simulation.

The Northern Hemisphere middleworld is moister
than Southern Hemisphere in midlatitudes, when viewed
either by mixing ratio (Figure 7 and Figure 8) or by
total mass of the vapor tracer (section 4.2). The in-
creased water vapor is particularly noticeable in sum-
mer, when there is a significant plume of tracer advected
from the surface into the upper tropical troposphere and
then quasi-isentropicly into the middleworld due to the
monsoon circulation, which injects a large mass of wa-
ter vapor tracer into the NH middleworld. A separate
global simulation with a source of water vapor in the up-
per tropical troposphere but without a surface source of
water vapor showed that without this plume of moist
air, the Southern Hemisphere middleworld has higher
tracer concentrations than the Northern Hemisphere.
The time and spatial distribution of a plume of “dry”
air from the surface in this simulation matches the sea-
sonality and location of the South Asian, African, and
North American monsoon circulations in the tropics.
The monsoon penetrates more into midlatitudes in the
Northern Hemisphere summer upper troposphere, caus-
ing the NH middleworld to receive a significant flux of
air recently in the lower troposphere, moist air in the
simulation with a surface source, and dry air in the
simulation without a surface source. In the simulation
with a surface source of water vapor tracer, as in the at-
mosphere, the effect of the monsoons is to moisten the
Northern Hemisphere more than the Southern Hemi-
sphere. The monsoon circulations are thus important
for the annual cycle of water vapor in the lowermost
stratosphere, as noted by Rosenlof et al. [1997].

4.5. Tropical Troposphere

The water vapor tracer concentrations in the upper
tropical troposphere at 220 hPa have a clear annual

cycle, depicted in Figure 7. Water vapor tracer con-
centrations are high in the summer subtropics in both
hemispheres, and the maximum is not on the equator
but rather migrates based on the movement of the In-
tertropical Convergence Zone (ITCZ) and monsoon cir-
culations (for a description of the annual cycle of the
ITCZ and monsoons see Hartmann [1994]). The zonal
distribution of water vapor tracer in the upper tropo-
sphere at 220 hPa (Figure 9) has generally high val-
ues over South America and over the Maritime contin-
ent and low values over the eastern Pacific, consistent
with the Walker circulation (seen also in the relative
humidity fields in section 4.3). Zonal sections in time
(Figure 9) illustrate eastward propagation of high and
low anomalies with periodicity of 60 days or so. Simi-
lar patterns and signals in the MLS water vapor data
have been noted by Clark et al. [1998], which they at-
tribute to the Madden-Julian Oscillation (MJO). The
MJO [Madden and Julian, 1994; Clark et al., 1998] is
one of the major modes of variability in the tropical
troposphere. The MJO describes the organization of
convection into active and inactive phases with a pe-
riod of 30-60 days which propagate eastward and are
strongest in the Indian Ocean and Western Pacific. This
manifests itself in the upper tropospheric water vapor
fields as an alternating high (active convection) and low
(inactive convection) signal. The MJO is also found in
zonal wind and surface pressure fields across the trop-
ics. The appearance of the signal in the water vapor
tracer (seen most clearly in Figure 9 from December to
April) is thus related to realistic patterns of convergence
and divergence from these assimilated fields. There is
also some evidence of westward propagating anomalies
from the region of high water vapor associated with the
summer monsoon from 90°-0°E, which may be related
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to gravity wave activity [Gill, 1982, p. 452] associat-
ed with monsoon convection, as postulated by Potter
and Holton [1995]. Further analyses are necessary to
understand these smaller-scale patterns.

5. Comparisons With Observations

Because the simulation has no source of stratospheric
water vapor, the tracer concentration decreases with
height in the stratosphere. In the atmosphere, howev-
er, the oxidation of methane (CHy) is a source of water
vapor. Accordingly, only the lower stratospheric over-
world and below can be compared to observations. In
this section, a variety of satellite and radiosonde water
vapor data are used for comparison.

A direct comparison of simulated tracer concentra-
tions in the stratospheric overworld and water vapor

data from the HALOE instrument on UARS [Randel
et al., 1998] is illustrated in Figure 10. The annual cycle
of mixing ratio in the simulation illustrated in Figure 10
(and is also clear in Figures 3 and 4). The minimum in
the simulated equatorial concentration of water vapor
at 94 hPa appears in March, while the HALOE data
have a minimum at 100 hPa in May. The tropical max-
imum in HALOE water vapor occurs in September or
October, but the tropical maximum in the simulated
tracer occurs in August. The difference may be due to
the vertical weighting function of the HALOE data over
~2 km in the vertical, which smears out the arrival of
the minimum at a particular altitude, and to differences
in vertical transport in the simulation, which are dis-
cussed in section 4.1. It is likely that the latter is more
important since the simulated minimum and maximum
occur before the extrema in the HALOE observations,



9014 sETTELMAN

consistent with stronger vertical velocities. At 100 hPa,
the mean simulated tracer in the lower stratosphere is

260901 generally higher than HALOE water vapor concentra-
tions by ~1-2 ppmv in NH winter and reaching 4 ppmv
960801 . y~imepp S = rr
in NH summer. Given the possible temperature biases
discussed in section 3, this difference is not surprising.
o An increase from 190 °K to 193 °K at 100 hPa corre-
960601 sponds to an increase in water vapor saturation mix-

ing ratio of 2.2 ppmv, and an increase from 195 °K to

198 °K at 100 hPa increases xsat by 4.6 ppmv. It is
difficult to compare the ]rnrrh latitude data due to lack

of HALOE coverage. Analy51s of the HALOE data by
latitude (not shown) indicates that at 100 hPa the NH
polar minimum occurs in June, 3 months after the trop-

ical minimum at 100 hPa and slightly slower than in the
mulation at these altitudes (Figure 3).
The total hydrogen budget of the stratosphere is gov-
erned primarily by the mean value of methane and wa-
ter vapor [Mote et al., 1996]. The simulated value for
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water vapor entry into tne strato-
sphere (~100 hPa at the equator) of 5-6 ppmv is higher
than observed values from satellites, radiosondes, and
‘ in situ aircraft of ~4 ppmv, as illustrated in Table 1.
0 30 6 T 120 150 180 210 240 2() 300 330 360 The annual averaged minimum value in the simulated

Longitude (ncreasing Eastward) tracer actually falls at 79 hPa in the tropics, with the
same annual cycle as illustrated at 94 hPa in Figure 10.
The difference in the altitude of the minimum is related
to the model resolution and the rapid vertical transport.
Table 1 also illustrates the corresponding temperature
at 80% relative humidity, approximately the highest av-

951101

PPMV

Figure 9. Hovemuller plot of daily tracer mixing ratio o . . . s hile t
on 220 hPa at 10°N for 1 year in units of ppmv. Angled crage RH simulated in the tropics (Figure 6). While the

thin solid lines indicate approximate phase of high trac- simulation is considerably moister than previous obser-
er concentrations with propagation resembling Madden =~ Vat1ons from satellites, radlpsondes or aircraft c?ata, the
Julian Oscillation (MJO) water vapor anomalies (see differences correspond to differences in saturation tem-
text). peratures of only 1°-3°C. This temperature difference
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Table 1. Annual Average Water Vapor “Entry” Mixing Ratio

Source Reference Pressure, hPa Mixing Ratio, ppmv Saturation Temp, °K
Model This study 79 5.17 192.6
Model This study 94 5.79 194.3
HALOE Randel et al. [1998) 100 3.43 191.6
Radiosondes Dessler [1998] min Xsat 3.840.3 192.24+0.5
ER2 Hurst et al. [1999] 100 4.0£0.3 192.54+0.5

Results from Dessler [1998] are reported at the minimum saturation vapor mixing ratio of each radiosonde (the average
height of these minima is 98 hPa). Saturation temperature is based on average 80% relative humidity using the algorithm

of Marti and Mauersberger [1993].

is of similar magnitude to the warm bias of the assim-
ilation data as examined in section 3 and by Pawson
and Fiorino [1999).

The phase of the annual cycle of water vapor in the
middleworld (Figures 5b, 7, and 8) is similar to that
observed by satellites and in situ platforms, but the
absolute concentrations of the tracer are higher than
observed water vapor mixing ratios in the middleworld.
The annual cycle of water vapor in the middleworld
(Figure 8) has the same phase as the cycle derived from
SAGE-II water vapor data [see Pan et al., 1997, Figures
4 and 5], with a broad maximum between June and
September below 350 K in the Northern Hemisphere
and a smaller maximum from January to March at these
altitudes in the Southern Hemisphere.

The absolute value of the tracer on the 350 K poten-
tial temperature surface is generally higher than than
the summer maxima of 10 ppmv in the NH and 5 ppmv
in the SH reported by Pan et al. [1997]. As a result
the amplitude of the seasonal cycle at 350 K in the sim-
ulation is 60 ppmv in the NH and 35 ppmv in the SH
(Figure 8), while SAGE-II data have amplitudes of only
5 ppmv in the NH and 3 ppmv in the SH [Pan et al.,
1997). Differences between simulated tracer values and
SAGE-II water vapor concentrations are not surprising
given more rigorous selection criteria for stratospheric
points used by Pan et al. [1997]. SAGE-II data also
have a dry bias since it only samples well away from
cloudy regions [Pan et al., 1997].

In situ measurements provide better accuracy but
with more limited sampling. Hintsa et al. [1998] report
in situ water vapor measurements from aircraft of 12—4
ppmv from 370-385 K in May in Northern Hemisphere
midlatitudes (compared to 14-7 ppmv in May at 370-
385 K in the simulated tracer at 50°). Ray et al. [1999]
report balloon-borne in situ measurements of water va-
por in the lowermost stratosphere at 35°N for 340-360
K of 30-15 ppmv in September (simulated tracer is 100~
40 ppmv for the same location in September) and 20-10
ppmv in May (simulated 45-20 ppmv).

The amplitude and phase of the annual cycle in the
simulated tracer in the upper tropical troposphere cor-
respond to tropical MLS water vapor. Note that be-
cause MLS is a microwave instrument, it is able to
see through clouds and sense only vapor [Read et al.,

1995], which makes it a good instrument for compar-
isons. Zonal mean model and MLS mixing ratios both
indicate minimum water vapor concentrations in the
NH subtropics during February (Figure 11a) and in Ju-
ly through October in the Southern Hemisphere (Fig-
ure 11b). Simulated tracer data have a wet bias in both
hemispheres relative to MLS data at 215 hPa. Part of
the bias results from the lack of signal in the MLS re-
trieval at low concentrations [Read et al., 1995], which
brings down the zonal mean. The phasing of the con-
centration maximum appears to be nearly synchronous
between the simulation and MLS in both hemispheres.
In the tropics (Figure 11c) the simulation shows excel-
lent correspondence with MLS data, except during a dry
period in April and May at the equator (also evident in
Figure 7). This difference at the equator occurs in the
simulation when the Eastern Pacific (180°-240°E) and
South America (270°-330°E) dry out in April and May
(not shown). Little change occurs during April and May
in equatorial water vapor in the Western Pacific (90°-
150°E) in the simulation or the observations. The cause
of the difference is likely the failure of the simulation to
resolve the convergence and divergence associated with
convection over South America in April and May. With
this exception, the amplitude and timing of the annual
cycle are well represented by the simulation. Differences
in the extratropics are thus a result of either differences
in transport characteristics or differences in the water
vapor mixing ratio in the stratospheric overworld. Giv-
en the known temperature bias and high entry level
mixing ratio in the stratospheric overworld, it seems
likely that the latter is important, although differences
in transport cannot be ruled out.

Correspondence with MLS data is not limited to the
zonal mean distribution. Daily point to point (5° lati-
tude by 10° longitude) linear correlations between sim-
ulated tracer and MLS in the tropics and subtropics
at 215 and 146 hPa are around 0.7, significant at well
beyond the 99% confidence level (these correlations in-
clude several hundred points daily). In the extratropics,
the correlations are lower (0.5) but still significant at
the 99% level. These correlations indicate that synop-
tic scale variability is well represented.

Simulated tracer concentrations can also be compared
to radiosonde observations. Since radiosonde observa-
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record.

tions of humidity in the upper troposphere and lower
stratosphere are not of research quality [Gaffen, 1999],
radiosonde temperature measurements were converted
to saturation vapor mixing ratio (xsat) and compared to
simulated xsa¢ and simulated tracer values. Figure 12
presents an analysis for Koror, an island station in the
Western Pacific (8°N, 135°E) and the model grid point
containing Koror. Two other nearby island stations
in the Western Pacific, Yap (9°N, 138°E), and Pon-
ape (7°N, 158°E) have distributions almost identical to
Koror. Several tropical and subtropical stations at oth-
er longitudes (Diego Garcia in the Indian Ocean, Hilo
in the Central Pacific, and Barbados in the Atlantic)
were also examined. Model fields for xsa; and tracer
were interpolated to radiosonde mandatory reporting
levels. Generally, simulated ysa reproduces the annual

cycle at Koror at 80 hPa (Figure 12a) and at 250 hPa
(Figure 12d), but significant differences exist between
these altitudes (Figures 12b and 12c). The xsay values
calculated using radiosonde temperatures and using as-
similated temperatures have similar ranges at 80 hPa
and 250 hPa but are different at 100 hPa and 150 hPa.
The simulated relative humidity (tracer nearly equal to
Xsat) is highest at 150 hPa, consistent with Figure 6. In
Figure 12d at 250 hPa the tracer is far below satura-
tion, with relative humidities of ~30% in February and
~50% in August, in agreement with Figure 6.

At 100 hPa (Figure 12b) and 150 hPa (Figure 12¢)
the simulated xsat is significantly higher than ysa¢ es-
timated using radiosonde temperatures throughout the
year, consistent with the warm bias of assimilation tem-
peratures at the cold point discussed in section 3. At 80
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Figure 12. Simulated ysat (thick grey line), radiosonde xsat (black dotted line), and simulated
tracer mixing ratio (thin solid line) at Koror (8°N, 135°E) in units of ppmv. Plots at different
altitudes for 1 year of data. Model temperature and tracer data are interpolated to radiosonde
mandatory reporting levels at (a) 80 hPa, (b) 100 hPa, (c) 150 hPa, and (d) 250 hPa.

hPa (Figure 12a) and 250 hPa (Figure 12d) simulated
and observed xsay are quite similar. These results are
similar for several stations examined in the Western Pa-
cific, in the Indian Ocean, and in the tropical Atlantic.
In the subtropical Central Pacific at Hilo (19°N and
165°W), the simulated and observed ysa; are similar at
100 hPa and above the observed tracer concentration.
Note that the tropopause at Hilo is above 100 hPa in the
winter and below 100 hPa in the summer. In the sim-
ulation at Hilo, air is only near saturation (and above
radiosonde saturation) at 150 hPa from July through
October. Thus there are significant differences between
the simulation and radiosonde observations of tempera-
ture only in the deep tropics (within 15° of the equator).

The differences are consistent with the vertical distri-
bution of assimilation temperature biases discussed in
section 3 and consistent with higher than observed sim-
ulated tracer values in the upper tropical troposphere.

6. Stratosphere-Troposphere Exchange
of Water Vapor

The simulated water vapor tracer, coupled with com-
plete and consistent vertical velocity fields from the
transport simulation, can also be used to examine de-
tails of the tropical cold point (the minimum in the
vertical temperature profile) and the entry of water va-
por into the stratosphere. The mass flux of water vapor
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into the stratosphere can yield insights into whether
the entry of air into the stratosphere is only through
certain longitudinal regions (the “stratospheric foun-
tain” hypothesis of Newell and Gould-Stewart [1981))
or whether water vapor is injected into the stratosphere
at all longitudes [Dessler, 1998].

In the following discussion the tropics will be bro-
ken into four regions by longitude defined as follows:
the “Indian” (IND) sector from the Greenwich meridi-
an (0°) to 90°E, the “Western Pacific” (WPAC) sector
from 90°E to the dateline (180°E), the “Eastern Pacific”
(EPAC) from the dateline to 90°W, and the “Atlantic”
(ATL) sector from 90°W to the Greenwich meridian.
The Indian sector includes tropical African land regions,

67 hPa (20.4 km)

8

6
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the Western Pacific includes the maritime continent,
and the Atlantic sector includes tropical South Ameri-
ca and part of Africa.

Fluxes of tracer across pressure surfaces were esti-
mated by saving the pressure vertical velocity (w—in
mb day~!) at each time step the tracer was saved. The
vertical velocity is not an input meteorological variable.
Rather, it is derived in the transport model from the
convergence or divergence implied by the assimilated
wind field. The vertical velocity contains significant
variability on the smallest simulated time scales and
space scales (1 day and hundreds of kilometers). Dai-
ly data are used, and no coherent trend or pattern is
seen in the daily averages, so for presentation, results
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Figure 13. Tracer mixing ratio in units of ppmv averaged over tropical (|¢| < 15°) sectors:
Indian (IND), Western Pacific (WPAC), Eastern Pacific (EPAC), and Atlantic (ATL). Five dif-
ferent pressure levels are shown (log-pressure altitude in parentheses) for August (dotted lines)

and February (solid lines).
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are averaged over a month and a longitude sector of
the deep tropics (|¢| < 15°). The tracer flux (—wx:/g)
is a convolution of the tracer concentration with the
air mass flux calculated at each grid point (so the zonal
and eddy components are included). The average tracer
concentrations for February and August are presented
in Figure 13. There is zonal symmetry in tracer con-
centrations in the lower stratosphere (67 and 79 hPa) in
both August and February. At 94 hPa and below (in the
troposphere), average tracer concentrations vary signif-
icantly (by ~20%) between the different sectors. Tracer
concentrations are significantly higher in August than
February in the tropics. In February, tracer concentra-
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tions are lowest in the Western Pacific sector from 132
to 79 hPa, consistent with lower temperatures in this
sector. Thus low mixing ratios are seen in the region of
the tropical water vapor “fountain” at the cold point in
the Western Pacific where temperatures are coldest in
February. This result is consistent with the simulations
of Mote et al. [1994].

The tracer fluxes by sector are illustrated in Figure 14
for model levels in the upper tropical troposphere and
lower stratosphere. Note that the tropical upwelling re-
gion may extend poleward of 15° [Rosenlof , 1995; Yang
and Tung, 1996}, so only the deep tropics are captured
in Figure 14. The tropical upward tracer flux is com-
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Figure 14. Average tracer mass flux (kg s™!) averaged over tropical (]¢| < 15°) sectors: Indian
(IND), Western Pacific (WPAC), Eastern Pacific (EPAC), Atlantic (ATL). Five different pressure
levels are shown (log-pressure altitude in parentheses) for August (dotted lines) and February
(solid lines). Zero line is plotted as a thin solid line. Upward fluxes are positive.
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parable between February and August. Air mass fluxes
into the stratosphere are higher in February, consistent
with the stratospheric circulation [Rosenlof, 1995], but
tracer concentrations are higher in August (Figure 13).
In the troposphere below 132 hPa (not shown), the
tracer mass flux is largest in the Western Pacific sec-
tor in both February and August. The presence of the
Asian monsoon circulation (a large upward flux in the
Western Pacific) is notable up to 79 hPa in August if a
broad region of the tropics and subtropics is analyzed
(1] < 30°).

At the cold point (79-94 hPa) and in the stratosphere
(67 hPa), the largest upward tracer flux is over the
Atlantic in February and over the Eastern Pacific in
August. Over the Western Pacific in February at and
above the cold point, the net water vapor fluxes are
downward. This downward flux is consistent with the
location of the stratospheric “drain” recently discussed
by Sherwood [2000] in an analysis of radiosonde data.
Using the radiosonde wind data over the Western Pacif-
ic, Sherwood [2000] calculated the vertical mass flux us-
ing the divergence of the winds from radiosondes along
a closed contour. Above the cold point, a net down-
ward motion was observed in the stratosphere. Such
fluxes indicate that the assimilated wind and temper-
ature fields at and above 100 hPa capture some of the
effects of convective dehydration processes [Sherwood,
2000; Danielsen, 1993] that may significantly dehydrate
the lower stratosphere. Simmons et al. [1999] also illus-
trate downward vertical velocities in ECMWEF analyses
over the Maritime Continent in the Western Pacific at
90 hPa in January. Mote et al. [1994] also indicate that
in their simulations, the water vapor mass flux is down-
ward at low water vapor mixing ratios, and the largest
upward flux occurs at higher mixing ratios, broadly con-
sistent with the results in this study.

A “fountain” (preferential regions or sectors where
air enters the stratosphere) is not necessary, as noted
by Dessler [1998], to explain the low water vapor mix-
ing ratios in the stratosphere. Here we find generally
higher averaged simulated tracer concentrations than
observations of water vapor, but this is consistent with
the temperature differences discussed in Section 3 and
the mixing ratio on the entry of air into the strato-
sphere discussed in Section 5. The simulation is con-
sistent with observations of subvisible cirrus clouds at
longitudes outside of the Western Pacific [Wang et al.,
1996]. Such clouds are an indicator that rising motion is
present at many longitudes in the tropics, which Wang
et al. [1996] note is often correlated with convection.

The exchange of water vapor between the strato-
sphere and the troposphere does not occur simply across
the tropical tropopause into the overworld. As dis-
cussed by Holton et al. [1995], there is significant quasi-
isentropic exchange from the upper tropical troposphere
into the extratropical lowermost stratosphere and vice
versa. This exchange occurs when synoptic events cre-
ate “tropopause folds” which significantly deform the
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tropopause structure [Holton et al., 1995] and even-
tually result in “cut-off” cyclones and the deposition
of stratospheric air into the troposphere and vice ver-
sa. Postel and Hitchman [1999] have characterized
this exchange as Rossby wave breaking and analyzed
the climatology of such events on the 350 K surface.
The preferred locations for such events noted by Pos-
tel and Hitchman [1999] correspond to the planetary
wave “ducts” of easterly winds in the tropics [ Webster,
1983; Webster and Holton, 1982]. These events occur
preferentially at different longitudes in each hemisphere
(T. Horinouchi et al., Synoptic-scale Rossby waves and
geographic distribution of lateral transport routes be-
tween the tropics and the extratropics in the lower strat-
osphere, submitted to Journal of Geophysical Research,
1999). Analysis of tracer maps on a pressure surface
near 350 K (187 hPa) from the simulation yields a sim-
ilar preferential distribution of high monthly average
midlatitude tracer values in both hemispheres in win-
ter. Analyzing daily tracer maps on a pressure surface
from the simulation, these monthly averages are found
to be the result of discrete “Rossby wave-breaking”
events that transport air horizontally between the trop-
ical troposphere and the extratropical lowermost strat-
osphere (and vice versa).

Another way of analyzing this exchange is by ana-
lyzing the transit time of water vapor from the tropical
troposphere to high latitudes on a pressure or theta sur-
face which spans the tropopause. In the stratospheric
overworld (94 hPa), transit times are ~3-4 months (Fig-
ure 3), in agreement with HALOE observations at 380 K
[Rosenlof et al., 1997, Plate 6]. Boering et al. [1995] cal-
culate a transit time in the lower part of the overworld
from the tropics to midlatitudes of 4-6 months based
on aircraft CO2 and H;O data. Using a model virtu-
ally identical to that in this work, Strahan et al. [1998]
found rapid transport of the CO4 signal from the trop-
ics to midlatitudes in the lowermost stratosphere, and
a delay of only 1-2 months exists between the arrival of
the minimum concentration on 330 and 370 K at mid-
latitudes. Strahan et al. [1998] also found a difference in
the annual cycle of CO» on either side of the midlatitude
tropopause, consistent with analyses of in situ aircraft
data. Fast transport from the surface to the middle-
world (1.5 months) has also been recorded by Ray et al.
[1999] in analyzing sulfur hexaflouride (SFg) measure-
ments on balloon flights. On the basis of the slope of
simulated tracer isopleths in time at 220 hPa (~350 K)
in the lowermost stratosphere (Figure 7), transit times
from the tropics to midlatitudes are estimated to be 1-
2 months, in agreement with the CO, simulations of
Strahan et al. [1998] and the observations of Ray et al.
[1999].

Unlike the COy simulations of Strahan et al. [1998],
we find no difference in the annual cycle of the water va-
por tracer on either side of the tropopause. The annual
signal in COj is strongest in NH midlatitudes, where it
must propagate to the tropics before entering the mid-
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dleworld; hence a delay occurs between the midlatitude
upper tropopause and lowermost stratosphere [Strahan
et al., 1998]. For water vapor, however, the annual cy-
cle between the tropics and the extratropics is in phase
(high in  summer, low in wmter) S0 no diﬂ“erence is not-

7. Discussion and Conclusions

agimnilatad windg and

Aaauuuahcd WINas ana tempera ave been used
with a global transport model to simulate the water va-
por distribution. The parameterization includes only
the effect of dehydration on water vapor. The variabii-
ity of water vapor in the upper troposphere and lower
stratosphere which emerges from these simulations is
consistent with observations.

Quantitative estimates of the tracer mixing ratio in
the stratospheric overworld are higher than observa-
tions (Table 1). The assimilated temperatures used
have a known and defined warm bias at the tropical
tropopause of 2-3 °K as described in Section 3. Given
this bias, the higher water vapor concentrations in the
simulation are expected, and no process other than the
dehydration parameterized here is necessary to explain
the net water vapor entry into the stratospheric over-
world. The simulation implicitly includes convection,
but the details of convection do not seem to be impor-
tant for the water vapor burden in the stratosphere.

We also find that water vapor enters the stratospheric
overworld (above the 380 K potential temperature sur-
face) at all longitudes, not just in the western Pacific
(Figure 14). While water vapor mixing ratios are low-
est over the Western Pacific in February, at the cold
point (94-79 hPa), net downward fluxes of water va-
por are found. These downward fluxes are consistent
with recent radiosonde analyses [Sherwood, 2000]. This
conclusion is dependent upon the ability of the large-
scale wind fields to correctly diagnose vertical motion.
It is possible that the assimilation data may not give
completely accurate results in the tropics. The most
obvious failure of the assimilation data as utilized here
is the lack of a convective contribution to the verti-
cal motion field, which is likely important in the up-
per tropical troposphere as described below. The dis-
tribution of upwelling and downwelling regions in the
tropics at 90-100 hPa in the simulated vertical velocity
field is similar to the vertical velocity field in ECMWF
analyses described by Simmons et al. [1999]. In par-
ticular, the ECMWF vertical velocity fields, and the
simulations of Mote et al. [1994] (including convection)
also found downward water vapor fluxes at 90-110 hPa
over the maritime continent. While it is beyond the
scope of this one year analysis, changes to the upper
tropical tropospheric circulation resulting from the El-
Nino-Southern Oscillation (ENSO) would be expected
to modify the tropical Walker circulation, moving the
region of convection eastward into the central and east-

ern Pacific [see Webster and Chang, 1988, Figure 1].
This might be expected to change the regions of up-
ward and downward fluxes of water vapor at altitudes
around the tropopause analyzed here, perhaps enhanc-
ing downward motions in the Western Pacific.
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In between 80 and 200 hPa is a transition regior
where both local and nonlocal processes are impor-
tant for d fprmini 1g the water vapor concentration and

vapor structure as inferred from radiosondes at
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These differences are
too large to be explained by temperature biases alone.
Convective processes are likely one of the reasons that
the simuiated tracer differs substantially from obser-
vations in the upper tropical troposphere between 200
and 100 hPa. It is likely that convection is very impor-
tant in determining the smaller-scale vertical motion
field. In addition, convective mechanisms for dehydra-
tion [Danielsen, 1982] and rehydration [Vimel et al.,
1995] are important for the water vapor distribution of

+ha irnmar Fr 1 h AT, Ary 3
the upper mGplcal brOpGSpuere Wave driven modifica-

tions of the local temperature [Fujiwara et al., 1998] or
tropopause height [Tsuda et al., 1994], as well as wave
driven dehydration [Potter and Holton, 1995], may al-
so be important in this transition region between the
troposphere and the stratosphere. These processes may
affect the lack of a “fountain” of air entering the strat-
osphere, and so this conclusion should be treated with
some caution until it can be verified.

Several important conclusions can be drawn from the
simulation about water vapor in the upper tropical trop-
osphere and the exchange of water vapor across the
tropopause. Large-scale advection alone is capable of
producing much of the expected water vapor variabil-
ity in the upper tropical troposphere. The conclusion
is consistent with the work of Salathé and Hartmann
[1997], Pierrehumbert and Roca [1998], and Sherwood
[1996]. The upper tropical troposphere is tightly cou-
pled by quasihorizontal exchange across the tropopause
to the lowermost stratosphere in each hemisphere.
Transport between the tropics and the extratropics in
the middleworld and upper tropical troposphere ap-
pears to be well characterized by the simulation as
described in section 6. Deficiencies in modeling the
upper tropical troposphere between 200 hPa and the
tropopause are likely the cause of high mixing ratios in
the extratropical lowermost stratosphere not deficien-
cies in transport. Finally, the monsoon circulations fig-
ure prominently in the cycle of water vapor in the up-
per tropical troposphere and stratospheric middleworld.
These circulations are important for moistening the ex-
tratropical lowermost stratosphere particularly in the
Northern Hemisphere. Monsoon circulations also ap-
pear to moisten the lower stratospheric overworld.

This study suggests several avenues for further inves-
tigations to refine our understanding of the stratosphere-
troposphere exchange of water vapor. Naturally, better
assimilation data with more accurate tropopause tem-
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peratures will be important for clarifying many of the is-
sues raised in this study. Similar experiments in GCMs
can help shed light on some of the processes not treated
explicitly here but parameterized in GCMs (convection,
gravity waves, and cloud microphysics). One important
use might be the evaluation of different convective tran-
sport schemes. In addition, observations of the frequen-
cy of penetrating convection would help to quantify its
potential role in stratosphere-troposphere exchange. Fi-
nally, better in situ observations of upper tropospheric
temperature and water vapor would help refine some of
the quantitative issues raised by this work and improve
assimilation data sets.
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